0city, M--earthquake moment.
magnitude, #=rigidity, Mo = #DS = seismic
TECTONIC STRESS
The rupture zones of earthquakes are usually planar (fault plane), but occasionally exhibit a complex geometry. The stress distribution near a fault zone varies as a function of time and space in a complex manner. Before and after an earthquake (interseismic period), the stress varies gradually over a time scale of decades and centuries, and during an earthquake (coseismic period) it varies on a time scale of a few seconds to a few minutes.
The stress variation during an interseismic period can be considered quasi-static. It varies spatially with stress concentration near locations with complex fault geometry. We often simplify the situation by considering static stress averaged over a scale length of kilometers. We call this stress field the "macroscopic static stress field." In contrast, we call the stress field with a scale length of local fault complexity the "microscopic static stress field."
During an earthquake, stress changes very rapidly. It decreases in most places on the fault plane, but it may increase at some places, especially near the edge of a fault where stress concentration occurs. We call the stress field averaged over a time scale of faulting the "macroscopic dynamic stress field," and that with a time scale of rupture initiation, the "microscopic dynamic stress field." monotonically increases from a i to o'0 during an interseismic period. When it approaches a0, the fault fails causing an earthquake, and the stress drops to al, and a new cycle begins. The stress difference A~r = a 0-trl is the static stress drop, and TR is the repeat time. For a typical sequence along active plate boundaries, Aa ~ 30 to 100 bars, and TR ~ 300 years. (The numerical values given in the text are representative values for illustration purposes only; more details will be given in the section for each parameter.)
Macroscopic Static Stress Field
The absolute value of a0 and trl cannot be determined directly with seismological methods; only the difference, Atr = cr0-~rl, can be determined. If fault motion occurs againist kinetic (dynamic) friction, trf, repeated occurrence of earthquakes should result in a local heat flow anomaly along the fault zone. From the lack of a local heat flow anomaly along the San Andreas fault, a relatively low value, 200 bars or less, has been suggested for o-r (Brune et al 1969; Henyey & Wasserburg 1971; Lachenbruch & Sass 1973 . More recent studies on the stress on the San Andrcas fault zone also suggest a low stress--less than a few hundred bars , Zoback et al 1987 . However, the strength rocks (frictional strength) measured in the laboratory suggests that shear stress on faults is high, probably higher than 1 kbar (Byerlee 1970 , Brace & Byerlee 1966 . Figures la and lb show the two end-member models, the weak fault model (tr 0 ,,~ 200 bars), and the strong fault model (tr0 ~ kbars). In these simple models "strength of fault" refers to ~r0. Actually, 0 and ~1 may vary significantly from place to place and from event to event; the loading rate may also change as a function of time so that the time history is not expected to be as regular as indicated in Figure 1 .
Microscopic Static Stress Field
An earthquake fault is often modeled with a crack in an elastic medium. Figure 2 shows the distribution of shear stress near a crack tip (e.g. Knopoff 1958). For an infinitely thin crack in a purely elastic medium, the stress (azy in Figure 2 ) is unbounded at the crack tip, and decreases as 1/,v/r the distance r from the crack tip increases (i.e. inverse square-root singularity). In a real medium, the material near the crack tip yields at a certain stress level (yield stress) causing the stress near the crack tip to be finite. Nevertheless, the behavior shown in Figure 2 is considered to be a good qualitative representation of static stress field near a fault tip.
In actual fault zones, the strength is probably highly nonuniform, and many local weak zones ("micro-faults") and geometrical irregularities are distributed as shown in Figure 3 . As the fault system is loaded by tectonic stress a, stress concentration occurs at the tip of many micro-faults as shown in Figure 3 . Near the areas of stress concentration, the stress can be much higher than the loading stress a. As the stress near the fault tip reaches a threshold value determined by some rupture criteria (e.g. Griffith 1920) , and if the friction characteristic is favorable for unstable sliding (e.g. Dieterich 1979 , Rice 1983 , Scholz 1989 ), the fault ruptures. As mentioned earlier, the strength of the fault refers to the tectonic stress o-at the time of rupture initiation (= a0), but not to the stresg near the fault tip where the stress is much higher than
The microscopic stress distribution is mainly controlled by the distribution of micro-faults and is very complex, but the average over a scale length of kilometers is probably close to the loading stress.
Macroscopic Dynarnic Stress Field
Although the dynamic stress change during faulting can be very complex, its macroscopic behavior can be described as follows (Brune 1970) . If, t = 0, the fault ruptures instantaneously under tectonic stress a0, then the displacement of a point just next to the fault will be as shown in Figure   Shear 4a. Fault motion is resisted by kinetic friction af during slippage so that the difference Aad = a0--ar is the effective stress that drives fault motion, and is called the dynamic stress drop. In general Aaa varies with time. Following Brune (1970) , Aaa can be related to the particle velocity of one side of the fault. After rupture initiation, the shear disturbance propagates in the direction perpendicular to the fault (Figure 4a ). At time t it reaches the distance fit, beyond which the disturbance has not arrived. Denoting the displacement on the fault at this time by u(t), the instantaneous strain is u(t)/flt. Since this is caused by Act a, from which we obtain u(t) = Aadflt/l~ and fi(t) = (Aaa/#)fl = /) = constant.
Curve (1) in Figure 4b shows u(t) for this case.
As the fault rupture encounters some obstacle or the end of the fault, the fault motion slows down and eventually stops as shown by curve (2) in Figure 4b . This result is in good agreement with the numerical result by Burridge (1969) .
Since the fault rupture is not instantaneous, but propagates with a finite rupture velocity Vr, which is usually about 70 to 80% of fl, the actual macroscopic particle motion is slower than that given by (1). Also, the beginning of rupture can no longer be given by a linear function of time (e.g. Ida & Aki 1972) . Nevertheless, the macroscopic behavior can described by (1) with deceleration of about a factor of 2, as shown (1) is for an infinitely long fault when the Aad is applied instantaneously. Curve (2) is for a finite fault. Curve (3) is for a finite fault when Aaa applied as a propagating stress.
www.annualreviews.org/aronline Annual Reviews curve (3) in Figure 4b . Numerical results by Hanson et al (1971) , Madariaga (1976) , and Richards (1976) support this conclusion. If we denote the offset and duration of slip by D (=2U) and Tr, then the average macroscopic particle velocity is (~)= D/(2Tr). Thus, Equation (1) suggests (~r) = l(Aad~/3 and AOd -= C 1 (~) (~],/),
where c~ is a constant which is of the order of 2.
Microscopic Dynamic Stress Field
Since the theory of cracks in an elastic medium is well established, it is most convenient to use the results from crack theory to understand the dynamic stress field during faulting. In a real fault zone, the fault geometry is complex, and the strength and material properties are heterogeneous so that the stress field is very different from that computed for a simple crack. Nevertheless, the results for a simple crack provide a useful insight regarding the general property of stress and particle motion during faulting. Many theoretical studies have been made on this subject (Kostrov 1966 , Burridge 1969 , Ida 1972 , Richards 1976 , Madariaga 1976 ). Here we briefly describe the results for steady-state crack propagation described by Freund (1979) . The geometry of the crack is shown in Figure 5a . (This is called the antiplane shear mode III problem.) The crack expands in the +x direction under uniform far-field stress ayz = a0. The crack propagates at a constant velocity Vr </~ (steady propagation). The crack surface extends from -a a over which the stress is equal to the kinetic friction at. Then Equations (21) and (22) of Freund (1979) b.
-a -+a ' X Figure 5 Steady crack propagation. (a) Geometry (same as Figure 2a) . A crack propagating in the x direction at a velocity of V,.' (b) The shear stress a,e and particle velocity ~= as function of distance.
www.annualreviews.org/aronline Annual Reviews (./x+-a_l)+~o for x>a fi~=O, a~=(a0--ar)(~-l)+ao for x< -a.
From the condition that there be no stress singularity at the trailing edge
here U is the total displacement of one side of the crack. The stress difference e~-~f is the dynamic stress drop ~a defined earlier.
These results are graphically shown in Freund (l 979) and are reproduced in Figure 5b . The typical inverse square-root singularity (1/~ ~ a) is seen for ~ ahead of the leading edge, and for ~ just behind it.
The degree of singularity depends on the physical condition near the crack tip, e.g. the dependence of the cohesive force on velocity and displacement. In a real fault zone, because of the finite strength of the material, the velocity and stress must be finite.
In principle, we should be able to determine the time history of particle velocity from seismological observations and compare it to Equation (3), but in practice it is di~cult to determine this uniquely. Seismologically, one observes convolmion of the local slip function shown in Figure 4b and the rupture propagation effect, and it is di~cult to separate these two factors. Most commonly, seismologists can determine only the averagẽ article velocity. Using (3) we obtain the average ~arficle velocity 
where < = 0.Tfl is assumed. Equation (5) agrees with Equation (2) except for the factor c~, which is of the order of 2. Considering all the uncertainties in the determination of <0> and the model, this much of uncertainty is www.annualreviews.org/aronline Annual Reviews inevitable. For simplicity's sake we will use Equation (5) in the following discussion, but this uncertainty (a factor of 2) must be borne in mind interpreting the particle velocity in terms of Atrd. Husseini (1977) obtained a similar expression. The large particle velocity near the leading edge contributes to excitation of high-frequency accelerations, but the actual mechanism is complex. For cxample, Yamashita (1983) explained the observed accelerations in terms of abrupt changes in rupture propagation, but exactly how high-frequency accelerations are excited is still an unresolved problem. High-frequency accelerations can be excited by irregular rupture velocity, sudden changes in material strength or sudden changes in frictional characteristics (Aki 1979) . Chert et al (1987) showed that heterogeneities of both stress drop and cohesion are the main factors that control the growth, cessation, and healing of the crack, and that the complexities in seismic radiation are caused by the complex healing process as well as complex rupture propagation.
In the discussion above, Vr is assumed constant. In a more realistic case of spontaneous crack propagation, however, Vr is determined by the property of the material (cohesive energy, surface energy) and the geometry of the crack, and the degree of stress concentration near the crack tip changes drastically (Kostrov 1966 , Burridge 1969 , Richards 1976 . However, in most seismological applications, Vr/[3 ,'~ 0.7 to 0.8 and the model of steady subsonic crack propagation is considered reasonable.
SEISMOLOGICAL OBSERVATIONS

Static Stress Drop
Static stress drop Aa can be determined by the ratio of displacement u to an appropriate scale length /~ of the area over which the displacement occurred:
This scale length could be the fault length L, the fault width W, or the square root of fault area S, depending on the fault geometry.
Since the stress and strength distributions near a fault are nonuniform, the slip and stress drop are in general a complex function of space. In most applications, we use the stress drop averaged over a certain area, e.g. the entire fault plane. Locally, the stress drop can be much higher than the average (Madariaga 1979) . To be exact, the average stress drop is the spatial average of the stress drop. However, the limited resolution of seismological methods often allows determinations of only the average www.annualreviews.org/aronline Annual Reviews displacement over the fault plane, which in turn is used to compute the average stress drop.
Stress drops have been estimated using the following methods:
1. From D and/~ estimated from geodetic data. 2. From D estimated from surface break, and S estimated from the aftershock area. 3. From seismic moment M0, and S estimated from either the aftershock area, surface break, or geodetic data. 4. From M0, and /S, estimated from the source pulse width z, or the characteristic frequency (often called the corner frequency) f0 of the source spectrum. 5. From the slip distribution on the fault plane determined from highresolution seismic data. 6. From a combination of the above.
Method 1 was used by Tsuboi (1933) for the 1927 Tango, Japan, earthquake. Tsuboi concluded that the strain associated with the earthquake is of the order of 10 .4 which translatcs to Aa of 30 bars (/~ = 3x 10 dyne/cm 2 is assumed). Chinnery (1964) also used this method to conclude that the stress drops of earthquakes are about 10 to 100 bars.
Method 2 is used when geodetic data are not available. Unfortunately the surface break does not necessarily represent the slip at depth (some earthquakes do not produce a surface break, e.g. the 1989 Loma Prieta, California, earthquake). In general, the overall extent of the aftershock area can be taken as the extent of the rupture zone. Although this interpretation is not correct in detail (for many earthquakes, the aftershocks do not occur in the area of large slip, but in the surrounding areas), the overall distribution of the aftershocks appears to coincide with the extent of the rupture zone. However, the aftershock area usually expands as a function of time, and there is always some ambiguity regarding identification of aftershocks and the aftershock area. Most frequently, the aftershock area defined at about one day after the main shock is used for this purpose (Mogi 1968) , but this definition is somewhat arbitrary.
Method 3 is most commonly used for large earthquakes. The seismic moment M0 can be reliably determined from long-period surface waves and body waves for most large earthquakes in the world using the data from seismic stations distributed worldwide. When the fault geometry is fixed, the seismic moment is a scalar quantity given by M0 = I~DS. From M0 and S, D can be determined. If we define the scale length of the fault by/S = S~/ z, the avcragc strain changc is e = ell)IS 1/2 where cl is a constant determined by the geometry of the fault, and is usually of the order of 1. Then the stress drop is www.annualreviews.org/aronline Annual Reviews
Method 4 is frequently used for relatively small (M < 5) earthquakes. For these events, the seismic moment can be usually determined from body waves. For these small earthquakes, the shape of the fault plane is not known so that a simple circular fault model with radius r is often used. If the source is simple, the pulse width z is approximately equal to r/Vr. Since Vr ~ 0.7fl, r = c~r/fl, where c2 is a constant of the order of l (Geller 1976 , Cohn et al 1982 . Another way of determining the source dimension is to use the frequency spectrum of seismic waves. Brune (1970) related the corner frequency f0 of the S wave spectrum to r. Theoretically, if the source is simple, the pulse width ~ can be translated to a corner frequency f0, but if the source is complex, the interpretation off0 is not straightforward. Because of its simplicity, this method is widely used. However, many assumptions were built into this method (e.g. circular fault etc), so that the values determined for individual events are subject to large uncertainties, but the average of many determinations is considered significant.
Method 5 is most straightforward in concept, but is difficult to use unless high-quality data are available, preferably in both near-and far-field. With the increased availability of strong-motion records, this method is now widely used (e.g. Hartzell & Helmberger 1982) . The slip function on the fault plane is determined directly, which can be used to estimate not only the average stress drop but also local stress drop.
Many determinations of stress drops have been made by combining these methods. Figure 6a shows the relation between M0 and S for large and great earthquakes (Kanamori & Anderson 1975) . In general, log is proportional to (2/3) log M0. Since M0 gSD = c/~S 3]2, Figure 6a indicates that Aa is constant over a large range of M0. The straight lines in Figure 6a show the trends for circular fault models with Aa = 1, 10, and 100 bars. The actual value of the stress drop depends on the fault geometry and other details, but the overall trend appears well established. Stress drop Aa varies from 10 to 100 bars for large and great earthquakes.
For smaller earthquakes, it is necessary to use higher frequency waves to determine source dimensions, but the strong attenuation and scattering of high-frequency waves make the determination of source dimensions more difficult. Because of this difficulty, whether the trend shown in Figure  6a continues to very small source dimensions or not has been debated. Several studies indicate that it breaks down at r = 100 m, but a recent result obtained by Abercrombie & Leary (1993) www.annualreviews.org/aronline Annual Reviews These results suggest that Ae averaged over a distance of 100 m or longer appears to be within a range of 1 to 1000 bars, for a range of M0 from 1016 to 10 30 dyne-cm. The implications of the constant stress drop have been discussed by many investigators (e.g. Aki 1971 , Hanks 1979 .
Hiyh Stress-Drop
Events As shown in Figures 6a and 6b , the static stress drops of most large (M > 5.5 or M o > 2.2 × 10 24 dyne-cm) earthquakes are in the range of 10 to 100 bars, but there are some exceptions. Moderate earthquakes with very high stress drops (300 bars to 2 kbars) are occasionally observed. For example, Munguia & Brune (1984) found very high stress-drop (up to kbars) earthquakes in the area of the 1978 Victoria, Baja California, earthquake swarm. These earthquakes are characterized by high-frequency source spectra. To identify these high stress-drop earthquakes, near-field observations are necessary. As the distance increases, the attenuation of high-frequency energy makes it difficult to identify high stress-drop earthquakes.
Recently several high stress-drop earthquakes were observed with closein wide-dynamic range seismographs. For example, Kanamori et al (1990 Kanamori et al ( , 1993 estimated Aa of the 1988 Pasadena, California, earthquake (M = 4.9) to be 300 bars to 2 kbars over a source dimension of about 0.5 kin. Another example is the 1991 Sierra Madre, California, earthquake (M = 5.8). Wald (1992) and Kanamori et al (1993) estimated Aa to to 300 bars over a source dimension of about 4 km. The large range given to these estimates is due to the uncertainty in the source dimension and rupture geometry. Nevertheless, there is little doubt that these earthquakes have a significantly larger stress drop than most earthquakes. These results indicate that Ae can be very large over a scale length of a few kin. In most large earthquakes, regions of high and low stress drops are averaged out resulting in Ae of 10 to 100 bars.
Although these high stress-drop earthquakes may occur only in special tectonic environments, we consider that they represent an end-member of earthquake fault models, as we discuss later.
Dynamic Stress Drop
As discussed earlier, the dynamic stress drop Aad is the stress that drives fault motion, and controls the particle velocity of fault motion. The particle velocity ~ of fault motion is thus an important seismic source parameter that provides estimates of Aad, through relations like (2) or (5). Maximum ground motion velocities recorded by strong motion instruments provide crude estimates of the particle velocity of fault motion. Brune (1970) suggested, using the data from six earthquakes, an upper www.annualreviews.org/aronline Annual Reviews limit of the particle velocity of 1 m/sec. A compilation of strong-motion data by Heaton et al (1986, figure 20 ) also indicates that the upper limit of the observed ground motion velocity is about 1 m/sec.
Unfortunately, direct determination of ~ is not very easy because the observed waveform is the convolution of the local dislocation function and the fault rupture function. Kanamori (1972) estimated ~2 for the 1943 Tottori, Japan, earthquake to be about 42 cm/sec using a very simple fault model. A similar method was used to determine the particle velocities for several Japanese earthquakes: 1 m/sec for the 1948 Fukui earthquake (Kanamori 1973) , 50 cm/sec for the 1931 Saitama earthquake (Abe 1974a), 30 cm/sec for the 1963 Wakasa Bay earthquake (Abe 1974b), and cm/sec for the 1968 Saitama earthquake (Abe 1975) . These results indicate a range of Aad from 40 to 200 bars (using 2) and 20 to 100 bars (using Boatwright (1980) developed a method to determine dynamic stress drops from seismic body waves.
Some eyewitness reports suggest somewhat larger particle velocities, but even if we allow for the uncertainties in the measurements, ~ appears to be bounded at about 2 m/sec.
For more recent earthquakes, the distribution of slip and particle velocity is determined by seismic inversion. Heaton (1990) estimated Aad for several earthquakes from the particle motion velocities thus determined. His estimate ranges from 12 to 40 bars for the average Aad, and from 22 to 84 bars for the local Aad. Quin (1990) and Miyatake (1992a,b) attempted to determine Aad the slip time history estimated by seismic inversion. Quin (1990) modeled the dynamic stress release pattern of the 1979 Imperial Valley, California, earthquake using the slip distribution determined by Archuleta (1984) . Miyatake (1992a,b) used the slip models for the Imperial Valley earthquake and several Japanese earthquakes determined by Takeo (1988) and Takeo & Mikami (1987) , and estimated the static stress drop Aa on the fault plane from the slip distribution. Assuming that Aad = Aa, he computed the local slip function using the method developed by Mikumo et al (1987) . A good agreement between the computed slip function and that determined by seismic inversion led him to conclude that Aad ~ A~r (within a factor of 2), which is in good agreement with Quin's (1990) result. Since the rise time of local slip function determined by seismic inversion is usually considered to be the upper limit (a very short rise time cannot be resolved with the available seismic data), the conclusion by Quin and Miyatake indicates that z~aa is comparable to A~r, or possibly larger. However, Aad is unlikely to be much higher than 200 bars, because the observed particle velocity seems to be bounded at about 2 m/see. McGuire & Hanks (1980) and Hanks & McGuire (1981) related www.annualreviews.org/aronline Annual Reviews root-mean-square (RMS) acceleration to stress drop. Using this relation, Hanks & McGuire (1981) estimated stress drops for many California earthquakes to be about 100 bars. This estimate, obtained from the radiated wave field rather than the static field, can be regarded as a measure of the average A~a. In summary, Aa~ varies over a range of 20 to 200 bars, which is approximately the same as that for A~.
Asperities and Barriers
Many studies have shown that slip distribution on a fault is very complex, i.e. most large earthquakes are multiple events at least on a time scale of a few seconds to a few minutes (e.g. Imamura 1937 , Miyamura et al 1964 , Wyss & Brune 1967 , Kanamori & Stewart 1978 . Recent seismic inversion studies have shown this complexity in great detail for earthquakes in both subduction zones (e.g. Ruff & Kanamori 1983; Lay et al 1982; Beck Ruff 1987 , 1989 Schwartz & Ruff 1987; Kikuchi & Fukao 1987) and in continental crusts (see Heaton 1990 for a summary). Two examples are shown in Figure 7 , Mendoza & Hartzell 1989 ).
These models have been often interpreted in terms of barriers--areas where no slip occurs during a main shock (Das & Aki 1977) , and asperities-areas where large slip occurs during a main shock (e.g. Kanamori 1981) . The mechanical properties of the areas between asperities are poorly understood. One possibility is that the slip there occurs gradually in the form of creep and small earthquakes during the interseismic periods. If this is the case, the same asperities break in every earthquake cycle, producing a "characteristic" earthquake sequence. Another possibility is that the areas between asperities remain locked (i.e. barriers) until the next major sequence when they fail as asperities for that sequence. In this case, the rupture pattern would be very different from Sequence to sequence resulting in a "noncharacteristic" earthquake sequence. It is also possible that asperities and barriers are not permanent features, but are controlled by nonlinear frictional characteristics so that the distribution of asperities and barriers can vary in a chaotic fashion (Rice 1991) . The distributions barriers and asperities could also change due to redistribution of water and pore pressure before and during earthquakes.
Since the physical nature of asperities and barriers is not well understood, here we use the terms simply to describe complexity of fault rupture patterns. Regardless of their physical nature, it is important to recognize that the mechanical properties (strength and frictional characteristics) fault zones are spatially very heterogeneous and the degree of heterogeneity varies significantly for different fault zones.
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Distance Along Strike (km) 
Energy Release
Since energy release in an earthquake is caused by fault motion driven by dynamic stress, the energy budget of an earthquake must provide a clue to the stress change during an earthquake. The simplest way to investigate this problem is to consider a crack in an elastic medium on which the stress drops from go to 8,. During slippage frictional stress acts against motion. This type of intuitive model was first used by Orowan (1960) 
where S is the surface area of the crack, 6 is the average stress, and/~ is the displacement averaged over the crack surface (Knopoff 1958 , Kostrov 1974 , Dahlen 1977 , Savage & Walsh 1978 . Since slip occurs against frictional stress ~rf, the energy H = afS~ will be lost to heat. If we ignore the energy necessary to create new surfaces at the crack tip (surface energy), we can assume that the difference will radiated by elastic waves. Thus
The importance of surface energy has been discussed by Husseini (1977) and Kikuchi & Fukao (1988) . In general, if Vr/fl = 0.7 to 0.8, the surface energy is about 1/4 of Es (Husseini 1977) , so that the radiated energy about 3/4 of the Es given by (9). Kikuchi & Fukao (1988) showed that ratio also depends on the aspect ratio of the fault, and in an extreme case, the radiated energy can be only 10% of the Es given by (9). Considering the limited accuracy of the energy estimate, we will ignore the surface energy in the following discussion. However, the surface energy could be important under certain circumstances.
The relations (8) and (9) are most conveniently illustrated in Figure  which was used by Kikuchi & Fukao (1988) and Kikuchi (1992) . vertical axis is the stress on the fault plane (crack surface) and the horizontal axis is the displacement measured in S/3. The total energy release Wis given by the trapezoid OABC (Equation 8). In the simplest case (Case I) we assume that ar = const and a~ = ~rf, i.e. the shear stress on the fault after an earthquake is equal to ~f. In this case heat loss H = ~fSL3 is given www.annualreviews.org/aronline Annual Reviews
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by the rectangular area OABD, and Es is given by the triangular area DBC. Thus
If we assume a l = at, then the second term in the brackets vanishes, and (10) is reduced
AoEs = ½SO(ao-a l) = ~-Mo. (11) z#
Since both M0 and Aa can be determined with seismological methods, the radiated energy Es can be estimated using (11). Kanamori (1977) used relationship to estimate the amount of energy released by large earthquakes. Although no direct evidence is available for the validity of the assumption cr~ = af, the relation (11) seems to hold for many large earthquakes for which M0 and Es have been independently estimated. However, since many assumptions and simplifications have been made in obtaining (11), Es thus estimated should be considered only approximate.
It is useful to consider a few alternatives using the diagrams shown in Figure 8 . The most extreme is a quasi-static case (Case II in Figure 8 ) which frictional stress is adjusted so that it is always equal to the stress on the fault plane. In this case the frictional stress is given by the straight line CB, and no energy is radiated (i.e. Es = 0). The entire strain energy expended to generate heat and to create new crack surfaces. The other extreme case (Case III in Figure 8 ) involves a sudden drop in friction, possibly at the time slippage begins. In this case a larger stress is available for driving the fault motion, and more seismic energy will be radiated than in Case I. Case IV in Figure 8 , which is intermediate between Case I and Case II, represents less wave energy radiation than Case I. Kikuchi & Fukao (1988) and Kikuchi (1992) , using the data on Es, M0, favored this case. In this case the contribution of surface energy is important. The dynamic stress drop during faulting, o--at, is smaller than the static stress drop Aa. It is also possible that dynamic stress can be very large during a short period of time, but then drops quickly to a low level so that Es is smaller than that for Case I. This is shown as Case V in Figure  8 . In Figure 8 the large Ao-a occurs at the beginning, but it can happen at any time during faulting.
These models are useful for understanding the basic behavior of complex earthquake faulting. However, because actual fault zones may be very different, both between different tectonic provinces (e.g. subduction zones, transform faults, intra-plate faults, etc) and between faults with different characteristics in the same province (e.g. faults with slow slip rate vs fast www.annualreviews.org/aronline Annual Reviews slip rate, etc), it is likely that more than one of the mechanisms discussed above are involved in real faulting.
As shown by Figure 8 and Equation (11), the ratio 2#Es/Mo gives a measure of the average dynamic stress' drop Aad during slippage. If rf = const and a j = fir (Case I), then Ao~ = Aa. However, for Cases III, IV and V,
#
when qs > 1 for Case III and qs < 1 for Cases IV and V. Unfortunately, estimating energy Es is not easy. Traditionally, Es has been estimated from the earthquake magnitude M. The most commonly used relation is the Gutenberg-Richter relation (Gutenberg & Richter 1956) :
where Ms is the surface-wave magnitude. However, this is an average empirical relation, and is not meant to provide an accurate estimate of Es. The total energy must be estimated by an integral of the entire wave train, rathcr than from Ms which is determined by the amplitude at a single period of 20 sec.
Currently, radiated energy is estimated directly from seismograms. Two methods are being used. In the first method (Thatcher & Hanks 1973 , Boatwright 1980 , Boatwright & Choy 1985 , Bolt 1986 , Houston 1990a , the ground-motion velocity of radiated waves, either body or surface waves, is squared and integrated to estimate Es. Sometimes equivalent computation is done on the frequency domain. In this method, the major difficulties are obtaining complete coverage of the focal sphere and in the correction of the propagation effects, i.e. geometrical spreading, attenuation, waveguide effects, and scattering. If a large amount of data is available, one can estimate Es fairly accurately with several empirical corrections and assumptions.
The second method involves determination of the source function by inversion of seismograms (Vassiliou & Kanamori 1982 , Kikuchi & Fukao 1988 . In this case, the propagation effects are removed through the process of inversion, but the solution is usually band-limited in frequency. Nevertheless, with the advent of sophisticated inversion algorithms, this method has been used with considerable success (Kikuchi & Fukao 1988) . Kanamori et al (1993) estimated Es using the high-quality broadband data that has recently become available at short distances from earthwww.annualreviews.org/aronline Annual Reviews quakes in southern California. Figure 9 shows the relation between Es and M0 thus obtained for recent earthquakes in southern California. The dynamic stress drops shown in Figure 9 are computed using (12) with /~ = 3 × 10 l~ dynes/cm~. The earthquakes shown in Figure 9 [the 1989 Montebello earthquake (M=4.6), the 1988 Pasadena earthquake (M = 4.9), the 1991 Sierra Madre earthquake (M = 5.8), the 1992 Joshua Tree earthquake (M = 6.1), the 1992 Big Bear earthquake (M = 6.4), the 1992 Landers earthquake (M = 7.3)] have stress drops in a range 50 to 300 bars--significantly higher than those for many large earthquakes elsewhere computed by Kikuchi & Fukao (1988) from the Es/M o ratios. As will be discussed later, this difference can be interpreted as due to the long repeat times of the earthquakes shown in Figure 9 .
The values of Aed shown in Figure 9 are smaller than Aa for the same earthquakes (not shown here; see Kanamori et al 1993) by a factor about 3. Kikuchi & Fukao (1988) found an even larger difference for the earthquakes they examined. They attributed this difference to surface energy, and favored the Case IV stress release model shown in Figure 8 . However, estimates of Aad and Atr are subject to large uncertainties so that whether this difference is significant or not is presently unresolved. 
www.annualreviews.org/aronline Annual Reviews
Relationship between Stress Drop and Slip Rate
The slip rate of faults varies significantly from less than 1 ram/year to several cm/year. Faults with slow and fast slip rates usually have long and short repeat times, respectively. Kanamori & Allen (1986) and Scholz al (1986) independently found that earthquakes on faults with long repeat times radiate more energy per unit fault length than those with short repeat times. Houston (1990b) also found evidence for this. Figure 10 shows the results obtained by Kanamori & Alien (1986) . A typical earthquake on fault with fast slip rate and short repeat time is the 1966 Parkfield, California, earthquake (M = 6, slip rate = 3.5 cm/year, repeat time = 22 years). In contrast, a typical earthquake on a fault with slow slip rate is the 1927 Tango, Japan, earthquake (M = 7.6, repeat times > 2000 years). Even if the Tango earthquake has about the same fault length as the Parkfield earthquake, its magnitude is more than 1.5 units larger. A more recent example is the 1992 Landers, California, earthquake. Despite the relatively large magnitude, its fault length is only 70 km. The repeat time Kanamori & Allen 1986) . The fault length is shorter for earthquakes with long repeat times than for those with short repeat times with the same Ms. Since the energy released Es is proportional to 10~ ~s, the above relation means that earthquakes on faults with long repeat times radiate more energy per unit fault length than those with short repeat times.
www.annualreviews.org/aronline Annual Reviews of the Landers earthquake is believed to be very long (see below). shown in the previous section, a larger amount of energy release per unit fault length suggests a larger dynamic stress drop. Thus, this observation suggests that dynamic stress drop increases as fault slip rate decreases.
The implication is that the strength of a fault increases with the time during which the two sides of the fault have been locked. This may be viewed as manifestation of an evolutionary process of a fault (Scholz 1989) .
The results for the Es/Mo ratio shown in Figure 9 can be interpreted in the same way. The repeat time of major earthquakes on the frontal fault system where the Pasadena and the Sierra Madre earthquakes occurred is believed to be very long--a few thousand years (e.g. Crook et al 1987) . Also, the repeat time of the faults in the eastern Mojavc desert where the Joshua Tree, the Big Bear, and the Landers earthquakes occurred is thought to be very long (e.g. Sieh et al 1993) . Since no measurements Es/Mo have been made yet for earthquakes on faults with short repeat times in southern California, we cannot directly compare Aa~ for earthquakes with long and short repeat times in southern California. Nevertheless, Figure 9 provides evidence that earthquakes with long repeat times have larger dynamic stress drops. Housner (1955) and Brune (1970) presented a model in which only part the total available stress is released during an earthquake. Partial stress drop could be caused by some obstacles (e.g. interlocking asperities) prematurely stopping fault motion. Brune (1976) later called this the abrupt-locking model. An important consequence of this model is a significantly larger dynamic stress drop than static stress drop. Many abrupt-locking mechanisms can be considered. Fault rupture may encounter a strong spot on the fault which prevents the fault from rupturing further. Another possibility is that rapid healing of the rupture surface during slippage, which slows down the particle motion of the fault, eventually brings it to a halt. Rapid healing results in a change of kinetic friction, which plays a key role in controlling slip behavior (Dieterich 1979 , Scholz 1989 . For most materials, kinetic friction is considerably smaller than static friction (Bowden & Taber 1964 , Rabinowicz 1965 ); a power law of the form, af = av -~ (v = sliding velocity, a and b = constants), often used in material science.
STRESS RELEASE MODELS FOR EARTHQUAKES
Many mechanisms for the reduction of kinetic friction have been suggested, for example: 1. melting on the fault plane, 2. acoustic fluidization (Melosh 1979) , 3. infinitesimal motion normal to the slip plane (Schallamach 1971 , Brune et al 1993 . Since most experimental data on dynamic www.annualreviews.org/aronline Annual Reviews friction have been obtained for sliding velocities much lower than those present during seismic faulting, about 1 m/sec, the exact behavior of kinetic friction in real fault zones can only be assumed. Heaton (1990) , recognizing that the duration of slip at a given point a fault is much shorter than the duration of rupture over the entire fault, attempted to explain this observation using a velocity-dependent kinetic friction law (af = ~f0-c/~, c = constant). As shown in Figure 5b , a crack tip causes the square-root stress singularity ahead of the rupture front. Just behind the rupture front the fault particle velocity becomes very high, thus decreasing kinetic friction. As the particle velocity decreases away from the crack tip, kinetic friction increases again, and the fault motion eventually stops. Thus, at a given time during faulting, slip is occurring over a short distance (slip pulse). This slip pulse propagates on a fault at the rupture velocity. Heaton (1990) called this model the"slip-pulse model." the slip-pulse model, it is the velocity-dependent kinetic friction rather than the static stress near the fault that controls dynamic fault motion. Brune et al (1993) found evidence for fault-normal motion during slippage in their foam rubber models of rupture. The fault-normal motion can effectively reduce the normal stress which in turn reduces kinetic friction during slippage.
The energy release pattern for the abrupt-locking model or slip-pulse model can be represented by Case III or Case V in Figure 8 .
The details of the frictional characteristics are still unknown, and a better understanding of kinetic friction during slippage under the conditions that prevail during seismic faulting [high normal stress, high (1 m/sec) particle velocity, etc] is critically important for understanding the physics and mechanics of earthquake faulting.
MODELS FOR HETEROGENEOUS FAULTS
As summarized in the previous sections, any model for earthquake process must take into account the following:
1. The static stress drop Ao" is, on the average, 1 to 100 bars. Some events, however, have very high stress drops. 2. The dynamic stress drop A~r a is, on the average, about the same order as the static stress drop Aa. However, it may vary significantly as a function of time and space, and could exceed the static stress drop for a short period of time during faulting. In general, both dynamic and static stress drops appear to be higher for faults with slow slip rates (long repeat times) than those with fast slip rates (short repeat times). 3. The slip distribution on a fault plane is generally very complex, sugwww.annualreviews.org/aronline Annual Reviews gesting heterogeneity in the strength or frictional characteristics of the material in the fault zone.
End-Member Models
To understand the complexity of fault rupture patterns, we first consider simple end-member models characterized by different magnitudes of Aaa and Aa. Table i summarizes four end-member models thus introduced. In this table "high" and "low" typically mean 300 and 30 bars, respectively, but they are meant to be representative values. Type 1 has high Aaa and high Ao-, and is a model for small to moderate size earthquakes on a fault with slow slip rate, such as the 1988 Pasadena, the 1991 Sierra Madre, and the 1992 Landers earthquakes. Type 2 has high Aad and low Aa. This is essentially the abrupt-locking partial stress-drop model (Brune 1970 (Brune , 1976 and the slip-pulse model (Heaton 1990) . Fault slip motion occurs very rapidly, but it locks up prematurely by either encountering an obstacle or sudden healing. Type 3 has low A~a and high Ao'. This corresponds to the overshoot model described by Madariaga (1976) . The model suggested Kikuchi & Fukao (1988) and Kikuchi (1992) belongs to this type in which the effective driving stress is smaller than the static stress drop. The most extreme case of this type would be creep. If the sliding condition is such that kinetic friction is always equal to shear traction on the fault plane, the fault motion becomes quasi-static without seismic radiation. Type 4 has both low Aad and low Aa, Variations of pore pressures (Sibson 1973 , Rice 1992 , rock types (Allen 1968), fault geometry (Sibson 1986 ), chemical process may be responsible for these different types of faults.
Composite Models
Evidence for abrupt-locking and slip-pulse models has been discussed by Heaton (1990) and Brune (1991) . Brune et al (1986) presented examples of ~o ~ roll-off of the source spectrum which suggests partial stress drop. Heaton (1990) presented examples of slip-pulse ruptures. For www.annualreviews.org/aronline Annual Reviews these models, ArTa must be significantly larger than A~r. The results of Quin (1990) and Miyatake (1992a,b) , however, show Aed ,,~ Art. It is possible that Aed deter~nined in these inversion studies is a lower bound because of the limited resolution of the method. Kikuchi & Fukao (1988) and Kikuchi (1992) favor the Case IV energy release pattern (Figure 8 ) which is not consistent with the partial stress-drop model or slip-pulse model. However, Case V which is a modification of Case IV can probably satisfy the data presented by Kikuchi & Fukao (1988) and Heaton (1990) . As discussed earlier, actual earthquake sequences are extremely complex, and are likely to involve more than one mechanism. In view of this complexity, we now try to interpret earthquake sequences using combinations of thc end-member models described above. Figure 1 la shows a combination of Type 1 and Type 4 behavior. Since A¢ a and A¢ are directly proportional to particle velocity 0 and displacement U, respectively, the variations of ~ and U along the fault will be as schematically shown in Figure 1 la. This combination explains the rupture patterns of the 1979 Imperial Valley earthquake (Quin 1990 , Miyatake 1992a ) for which A(T d ~ AO. Other earthquakes such as the 1984 Morgan Hills, California, earthquake (Hartzell & Heaton 1986 , Beroza Spudich 1988 , the 1987 Superstition Hills, California, earthquake (Wald et al 1990) , and the 1989 Loma Prieta, California, earthquake (e.g. Hartzell et al 1991 , Wald et al 1991 , Steidl et al 1991 , Beroza 1991 www.annualreviews.org/aronline Annual Reviews pulse mechanism must prevail over a significant section of the fault. The results obtained by Quin (1990) and Miyatake (1992a,b) do not exhibit this pattern. However, as T. Heaton (personal communication, 1993) suggests, if the rise time determined by inversion is the upper bound, then this combination represents the rupture patterns of earthquakes mentioned above. In any event, for these combinations the low and high static-stress drops are averaged out to yield the moderate static-stress drop typical of crustal earthquakes occurring on active plate boundaries. The combination of Type 1 and Type 3 inodels would yield a pattern as shown in Figure 1 lc. The slip would be relatively large and uniform over the entire fault, but the slip velocity is high only at limited places. This could be a model for the 1906 San Francisco, California, earthquake. concluded that relatively short-period (20 sec or less) seismic waves were excited from a fault segment about 100 km long, while the geodetic data and the surface break indicate fairly uniform slip over a distance of 350 km (Thatcher 1975) . Although no direct seismic data are available, the 1857 Fort Tejon, California, earthquake had a relatively uniform and large slip over 350 km (Sieh 1978) , and could be of this type. The creeping section of the San Andreas fault north of the 1857 rupture zone is the extreme Type 3 case.
Three other combinations can be made, but the two end-member models (Type 1 for high stress-drop earthquakes and Type 3 for creep events) and the three combinations described above seem to explain the important features of most earthquake sequences.
CONCLUSION
Fault Stren~Tth
The particle velocity of fault motion appears to be bounded at about l to 2 m/sec which corresponds to an upper bound of AO-a of about 100 to 200 bars (Equation 5 ). The values of Aao determined from the Es/Mo ratios (Figure 9 ) support this. Thus, if af is bounded at 200 bars, as suggested the heat flow arguments, then, considering the observation At7 d ~ Aft, the strength of fault ~r0, defined in Figure 1 , cannot be much higher than 400 bars. A corollary of this is that the strength of the crust varies significantly. As Jeffreys (1959) showed, the existence of high mountains such as the Himalayas indicates a large stress difference of at least 1.5 kbars within the outermost 50 km of the crust. Thus, although the strength of active fault zones such as the San Andreas is low, high stresses must be prevailing in the crust away from it. In other words, earthquakes occur where the crust is weak (Kanamori 1980 , Zoback et al 1987 . As mentioned earlier, some earthquakes on faults with low slip rates tend to have high stress www.annualreviews.org/aronline Annual Reviews drops. Since the slip rates are low, these earthquakes would not produce a significant heat flow anomaly even if the stress drop is high.
The above argument hinges on the premise that the lack of heat flow anomaly indicates low kinetic friction during faulting. If the heat flow problem can be interpreted differently (e.g. Scholz 1992), however, the above conclusion must be modified significantly.
Static Stress Drop vs Dynamic Stress Drop
The values of Afr o obtained from particle velocities of fault motion are, on the average, of the same order as Atr. The available data of the Es/Mo ratio, however, suggest that the radiated energy Es appears to be significantly less than expected for a simple model in which Ao-~ ~ Atr. This appears to be inconsistent with the results obtained from slip and slip-velocity data. Since large uncertainties still exist in the estimates of any of these parameters, this difference may not be significant. However, if the difference is real, one way to explain it is to introduce a drastic time dependence of Aad: Atro is very large only within a short time interval during faulting but decreases rapidly. This behavior is illustrated by the Case V energy release pattern shown in Figure 8 , and is expected for the abrupt-locking or slip-pulse model. Iio (1992) found evidence for initial slow slip before the major fault motion, which suggests a rapid change in kinetic friction. Wald et al (1991) found evidence of a slow rupture about 2 sec before the main rupture of the 1989 Loma Prieta earthquake. These slow precursory events may be a manifestation of time-dependent kinetic friction during faulting, and merit further studies.
To resolve this problem completely, it would be necessary to determine the slip function on the fault plane and the energy release more accurately using broadband high-resolution data.
State of Stress on a Fault Plane
As many studies have demonstrated, the heterogeneity of mechanical properties along a fault inferred from the complexity of rupture patterns is probably one of the most important elements of earthquake faults. Since different segments may have drastically different strengths and frictional characteristics, it is necessary to consider different rupture mechanisms for different segments. When a rupture occurs over a long fault, different segments interact with each other in a complex fashion, thereby causing complex seismic radiation as observed.
Mechanical properties of faults may be controlled by many factors: lithology in the fault zone, temperature, pore pressure, fault geometry, fault orientation with r6spect to tectonic stress, and slip rates. Rupture initiation, propagation, and cessation are all controlled by the mechanical www.annualreviews.org/aronline Annual Reviews 
